1] Support for the Colorado high topography is resolved using seismic data from the Colorado Rocky Mountain (CRM) Experiment and Seismic Transects. The average crustal thickness, derived from P wave receiver function imaging, is 48 km. However, a negative correlation between Moho depth and elevation is observed, which negates Airy-Heiskanen isostasy. Shallow Moho (<45 km depth) is found beneath some of the highest elevations, and therefore, the CRM are rootless. Deep Moho (45-51 km) regions indicate structure inherited from the Proterozoic assembly of the continent. Shear wave velocities from surface wave tomography are mapped to density employing empirical velocity-to-density relations in the crust and mantle temperature modeling. Predicted elastic plate flexure and gravity fields derived from the density model agree with observed long-wavelength topography and Bouguer gravity. Therefore, lowdensity crust and mantle are sufficient to support much of the CRM topography. Centers of Oligocene volcanism, e.g., the San Juan Mountains, display reduced crustal thicknesses and lowest average crustal velocities, suggesting that magmatic modification strongly influenced modern lithospheric structure and topography. Mantle velocities span 4.02-4.64 km/s at 73-123 km depth, and peak lateral temperature variations of 600 C are inferred. S wave receiver function imaging suggests that the lithosphereasthenosphere boundary is 100-150 km deep beneath the Colorado Plateau, and 150-200 km deep beneath the High Plains. A region of negative arrivals beneath the CRM above 100 km depth correlates with low mantle velocities and is interpreted as thermally modified/metasomatized lithosphere resulting from Cenozoic volcanism.
Introduction
[2] The Earthscope transportable array (TA) has provided unprecedented seismic data coverage, and the tomography models resulting from this data have placed important constraints on the seismic structure of the upper mantle beneath the continental United States. [e.g., Schmandt and Humphreys, 2010; Obrebski et al., 2011] . However, the coarse 70 km station spacing is suboptimal for the purpose of scattered wave imaging, and the TA has been generally unable to provide robust high-resolution images above $200 km depth, leaving key questions about the evolution and lithospheric structure of the continent unresolved. Of particular interest are the crust-mantle boundary (Moho) and the lithosphere-asthenosphere boundary (LAB) determined using the receiver function method. Current results from the TA are broadly consistent and show similar largescale features, e.g., thinner crust and shallower LAB beneath the Basin and Range; however, significant discrepancies are observed in the smallscale structure where interpreted Moho depths may differ by up to $10 km and LAB depths up to $50 km [Gilbert, 2012; Kumar et al., 2012; Levander and Miller, 2012] . Similar discrepancies are observed in the short-wavelength structure between tomography models [Becker, 2012] , highlighting the continued importance of dense-targeted seismic deployments.
[3] The purpose of this paper is to report on seismic results from the Colorado Rocky Mountain (CRM) Experiment and Seismic Transects (CREST) project, which recorded data from 59 Program for Array Seismic Studies of the Continental Lithosphere (PASSCAL) seismometers deployed for 15 months (2008) (2009) in Colorado. This seismic experiment was spatiotemporally coincident with TA recordings and three permanent stations (Figure 1) . The $17 km mean station spacing provides a twofold to fourfold increases in spatial fold with respect to the TA, and these data, in conjunction with geologic studies [Karlstrom et al., 2012] , are able to resolve controversies about the lithospheric structure and evolution of the highest topographic region in the continental United States, the CRMs. Figure 1 . Annotated topographic map of the CRM region and surrounding regions. Seismic stations used in this study are denoted by colored circles: Earthscope TA, CREST array, and permanent stations (Perm.) from the U.S. and Intermountain West (IW) networks. Physiographic province boundaries are shown in white. Red lines denote the boundary of the Colorado Mineral Belt [from Chapin, 2012] . Dashed lines show the inferred locations of the Cheyenne Belt (CB) and Yavapai-Mazatzal boundary (YMB) from Bennett and DePaolo [1987] . Regions containing exposed calderas and plutons associated with Oligocene ignimbrite volcanism [Lipman, 2007] are shown by dashed lines. These include volcanic centers in the Sawatch Range, the San Juan Mountains, and the Questa-Latir area (QL). Shaded circles denote Cenozoic ultrapotassic rocks emplaced in the Elkhead Mountains (EH), Yampa (Y), Middle Park (MP), the Navajo Volcanic Field (NVF), Dulce (D), and Spanish Peaks (SP).
Geologic Setting
[4] The CRMs occupy a transitional region between the tectonically active Western United States and the stable North American craton. Since the late Cretaceous, this region has risen from sea level to an average elevation of about 3 km; the zenith of a long-wavelength ($1000 km) epeirogenic swell and the largest regional-scale topographic anomaly in North America [Eaton, 2008] . This N-S trending feature cuts across the grain of ancient structural features, including northeast trends associated with the Proterozoic accretion of the Colorado Province [Reed et al., 1987; Whitmeyer and Karlstrom, 2007] and northwest trends associated with the formation of the Ancestral Rocky Mountains [Kluth and Coney, 1981] . In addition to their topographic prominence, the CRM displays a long-wavelength Bouguer gravity low reaching À330 mGal, elevated surface heat flow up to 100 mW/m 2 [Decker, 1995; Reiter, 2008] , and reduced seismic velocities in the crust and upper mantle [e.g., Schmandt and Humphreys, 2010; Shen et al., 2013] . Thermochronologic data indicate a multistage uplift history of this region [e.g., Landman and Flowers, 2013 ] that includes voluminous magmatism in the middle Cenozoic [Roy et al., 2004] followed by a pulse of Neogene uplift in this region [Karlstrom et al., 2012] . The latter is additionally supported by incision of post-Laramide sediments [Leonard, 2002; McMillan et al., 2006] , anomalous areal extent, and postdepositional tilting of Neogene gravels [Heller et al., 2003; McMillan et al., 2002] , and river geomorphology [Karlstrom et al., 2012; Riihimaki et al., 2007] . In total, these observations highlight the importance of middle to late Cenozoic processes in the development of this region.
[5] Since the late Mesozoic, the geologic history of the CRM has been dominated by the distant plate margin of western North America. The Laramide orogeny is the most recent period of contraction and strongly influenced the physiography of the modern Rocky Mountains. Laramide structures record 10%-15% regional shortening, which is manifested locally by basement cored uplifts [Erslev, 1993] that are interpreted to be the result of compressional stresses transmitted to the lithosphere during flat-slab subduction of the Farallon plate [e.g., Coney and Reynolds, 1977] . Accompanying this shortening is the initial development of the Colorado Mineral Belt at $75 Ma [e.g., Chapin, 2012] , a northeast striking magmatic lineament extending from the western San Juan Mountains to the Front Range ( Figure 1 ). The enigmatic Mineral Belt punctuates the Laramide volcanic gap, and its origin has been proposed to relate to the geometry of the Farallon plate at this time [Chapin, 2012; Jones et al., 2011] , resulting in magmatic rejuvenation of Proterozoic shear zones [Tweto and Sims, 1963] .
[6] Following Laramide flat-slab subduction, the Oligocene ignimbrite flare-up (38-23 Ma) resulted in the emplacement of numerous caldera complexes, the largest of which is located in the San Juan Mountains (Figure 1 ) and required the input of large volumes of mantle-derived basalts [Farmer et al., 2008; Johnson, 1991; Lipman, 2007] . Recently termed the Southern Rocky Mountain volcanic field, this feature is comparable in scale to the Altiplano-Puna volcanic complex in the central Andes, suggesting the development of a continental arc system in Colorado and New Mexico at this time [Lipman, 2007; Chapin et al., 2004] . Alternatively, it has been proposed that melting of hydrated mantle lithosphere following removal of the Laramide flat slab is responsible for the ignimbrite flare-up . However, in the San Juan Mountains, this would require focusing melts generated over distances of hundreds of kilometers [Farmer et al., 2008] . Minor episodic extension and mafic volcanism associated with the Rio Grande rift system occurred following the main pulse of Oligocene volcanism. Rifting is expressed in the CRM region by a narrow series of asymmetric grabens in the San Luis, Upper Arkansas, and Blue River valleys (Figure 1), and by diffuse extensional faulting that extends into northern Colorado and southern Wyoming [Baldridge et al., 1995; Berglund et al., 2012; Ingersoll, 2001; Keller et al., 1991; Landman and Flowers, 2013; Tweto, 1979] .
Topographic Support
[7] The compensation mechanisms responsible for supporting the high topography of the CRM remain contentious, and a detailed accounting of lithospheric buoyancy has yet to be performed. Previous receiver function analysis has determined that the crust beneath the Rocky Mountains is thicker on average than the Basin and Range province. However, the high topography lacks thickened crust relative to the adjacent and lowerstanding High Plains, suggesting that the CRM are partially supported by low-density upper mantle [Gilbert and Sheehan, 2004; Lee and Grand, 1996; Sheehan et al., 1995] . This interpretation is supported by thermal modeling of mantle velocities and attenuation, which indicates elevated temperatures beneath the CRM [Boyd and Sheehan, 2005 ; Goes and van der Lee, 2002; Lee and Grand, 1996] . Additionally, some tomographybased mantle convection models for the western United States predict $1 km of present-day dynamic topography for the Colorado Plateau, declining eastward to 100-500 m of uplift across the CRM [Forte et al., 2010; Liu and Gurnis, 2010; Moucha et al., 2008] . Small-scale convection has also been proposed in this region [van Wijk et al., 2010] and may be affecting the current CRM topography [Coblentz et al., 2011] .
[8] In contrast with these findings, several studies attribute the high topography to shallow density variations. Reduced crustal shear wave velocities derived from surface wave analysis were used to argue for support, resulting solely from low-density crust [Li et al., 2002] . Density modeling of seismic velocities determined from joint inversion of surface wave and receiver function data suggests that the observed Bouguer gravity field in this region is inconsistent with significant density variation below 50 km depth [Bailey et al., 2012] . Finally, analysis of elevation and geoid data indicates that the buoyancy supporting the high topography resides above 100 km depth [Coblentz et al., 2011] . Therefore, the relative importance of buoyant crust, buoyant mantle, and dynamic mantle flow in supporting the high topography remains uncertain.
Data and Methods
[9] In this study, we investigate the seismic structure of the crust and upper mantle beneath the CRM region with an emphasis on the support mechanisms that distinguish the high-standing topography from the neighboring Colorado Plateau and High Plains, which are 0.7-1.0 km lower in mean elevation. The geologic events that have affected this region are interpreted to infer the age and origin of the observed seismic structures. Crustal thickness variations beneath the CREST array are measured from a P wave receiver function image volume. Negative velocity gradients in the uppermost mantle are constrained from S wave receiver function imaging. Isotropic shear wave velocities are determined via tomographic inversion of ambient and earthquake surface wave phase velocity measurements. Subsurface densities are estimated from the resulting velocity model, utilizing empirical velocity-to-density scalings in the crust and anelastic temperature modeling in the mantle. The efficacy of Airy-Heiskanen and Pratt-Hayford isostatic models in support of the CRM high topography is investigated using the observed Moho depths and modeled crustal densities. Finally, the flexural response of the lithosphere and Bouguer gravity are calculated from the combined crust and mantle density models. These results are compared with observed topography and Bouguer gravity fields to produce a unified geophysical view of lithospheric structure and topographic support for the CRM.
Scattered Wave Imaging
[10] The receiver function methodology is applied to teleseismic body-wave recordings to isolate Pto-S and S-to-P converted arrivals, henceforth denoted as P s and S p , respectively. The initial data set consists of three-component traces windowed about theoretical P and S wave arrival times for global events with a body-wave magnitude greater than 5.7. The P wave data set consists of direct arrivals from 30 -100 epicentral distance. The S wave data set consists of direct S arrivals from 55 -84 and SKS arrivals from 84 -120 distance. These data are visually culled to remove noisy traces, identify any misoriented or polarity-reversed seismogram components, and delete events with a poor signal-to-noise ratio. Travel-time residuals are measured, and the waveforms are aligned for each event using a multichannel cross-correlation algorithm [VanDecar and Crossen, 1990 ].
[11] S wave receiver functions are superior to P wave receiver functions for investigating mantle velocity structure between the Moho and 200 km depth because the two primary free-surface Moho reverberations interfere with direct P s arrivals from discontinuities within this depth range [e.g., Kind et al., 2012] . However, S wave receiver functions introduce additional data-processing complexities. Careful data culling and time windowing are required to avoid contamination by secondary S wave arrivals near the 84 S-SKS crossover distance [Wilson et al., 2006; Yuan et al., 2006] . Prior to deconvolution, the culled S wave traces are time-reversed to account for the precursory nature of S p scattering. Polarities of the resulting receiver functions also need to be reversed to account for the sign difference between S p and P s conversions.
[12] The P and S wave receiver functions are calculated using a multichannel deconvolution algorithm that consists of three steps. First, the source function amplitude spectrum for each event is approximated using a rough-smooth spectral separation algorithm [Hansen and Dueker, 2009] . Second, the three-component receiver function amplitude spectrum is calculated via least-squares inversion using the source spectral estimates as constraints. Finally, the receiver function spectral phase is reconstructed by exploiting the minimumphase nature of the direct-component trace. The details of this methodology are presented elsewhere [Baig et al., 2005; Bostock, 2004; Mercier et al., 2006] , and the application to temporary array recording and S wave data was demonstrated by Hansen and Dueker [2009] . We note several advantages afforded by this approach. A single source function is estimated from all stations recording a particular event as opposed to using individual direct-component traces [e.g., Helffrich, 2006; Ligorria and Ammon, 1999] , which record site-specific effects and pure-mode scattering, e.g., P p and S s . Redundant Earth structure sampling due to earthquake source region clustering is exploited by binning the events recorded at each station by distance and backazimuth. The data are then simultaneously deconvolved to estimate a single three-component receiver function for each station-event bin.
[13] The resulting P and S wave receiver functions are band-pass filtered at 1-10 s and 3-20 s period, respectively. Filtered data are statistically culled to delete noisy and unusably narrow-band traces using three quality criteria: root mean square value, maximum amplitude, and the maximum to mean ratio of the amplitude spectrum. Traces with any criterion outside of the 95th percentile are discarded, which resulted in a total of 3708 and 2238 P and S wave receiver functions.
[14] Traces are mapped from time to space by tracing P and S wave rays through our three-dimensional surface wave tomogram described in the next section. Crustal P wave velocities are estimated by scaling the shear wave model with a two-dimensional V p /V s field. Estimates of crustal V p /V s were derived from stacking the P wave receiver function data along V p /V s and crustal thickness-dependent moveout curves [Zhu and Kanamori, 2000] . The stacks are visually culled to remove spurious results and the culled data are interpolated and smoothed with a Gaussian filter ( Figure 2 ). Below the Moho, an uppermost mantle V p /V s ratio of 1.81 is assumed, as determined from the AK135 reference earth model [Kennett et al., 1995] . Velocities along the calculated raypaths are used in the one-dimensional moveout equation to map time to depth, and the results are stacked via the common conversion point (CCP) method [Dueker and Sheehan, 1997 ] to produce velocity images. Subsurface image points are spaced 1 km vertically, and are spaced 8 and 14 km laterally for the P and S wave data, respectively. The traces contributing to each image point stack are collected from lateral bins that are 56 and 126 km wide for the respective P and S wave data set s.
[15] Moho depths are measured from the P wave image volume via a semiautomated algorithm involving two steps. First, initial picks are made automatically by locating local maxima at each model offset between 35 and 65 km depth. Second, depth picks are plotted on image cross sections and visually inspected for accuracy. Continuity of the Moho is used to determine the correct arrival in regions where multiple picks are present, and spurious or ambiguous picks are removed. The culled Moho depths are then interpolated and laterally smoothed using a two-dimensional Gaussian function with a 47 km half width.
Surface Wave Tomography
[16] Short-period (5-35 s) fundamental-mode Rayleigh wave phase velocities are derived from the ambient noise field in a three-step process using the stations shown in Figure 1 . First, time-windowed continuous waveform data are filtered, spectrally whitened, cross correlated, and stacked to estimate the empirical interstation Green's functions [e.g., Bensen et al., 2007; Shapiro and Campillo, 2004] . Second, phase velocities are measured by fitting the zero crossings of the real cross spectra with Bessel functions of the first kind, which stabilizes measurements for stations separated by less than one wavelength [Aki, 1957; Ekström et al., 2009] . Finally, phase velocity maps are produced with 20 km square grid cells using ray theory and an iteratively reweighted least-squares tomographic inversion with model norm damping [Stachnik, 2010; Stachnik et al., 2008] . Long-period (35-80 s) phase velocity maps calculated via Eikonal tomography [Lin and Ritzwoller, 2011] [17] The three-dimensional shear wave velocity structure is estimated by jointly inverting the earthquake-and ambient noise-derived phase velocity maps onto a uniform grid with 20 km spacing. An iterative least-squares solver is implemented to calculate one-dimensional velocity profiles at each node [Herrmann and Ammon, 2002] with equal weighting between the two phase-velocity data set s. The starting model is constant at 4.4 km/s and is parameterized by 2 km thick layers down to 50 km depth, increasing to 5 km and then 10 km at 120 km depth. The resulting models are spline interpolated in depth and laterally smoothed with a 40 km half width Gaussian function to produce the final three-dimensional velocity model. Inverse regularization parameters chosen from values near the ''elbow'' observed in L-curve analysis [e.g., Aster et al., 2012] and checkerboard tests at 100 km depth are shown in Figure 3 .
Density and Temperature Modeling
[18] The density structure to 170 km depth is estimated from the surface wave tomogram assuming that, to first order, velocity modulation is attributable to compositional variations in the crust and to temperature differences in the mantle. Density values in the upper crust (<10 km depth) are calculated using the V s -V p and V p -density regressions from Brocher [2005] , which are based on a compilation of measurements at near-surface conditions. Pressure and temperature effects need to be accounted for at greater depths, but there has been little work relating crustal V s to density at these conditions, and there is no obvious empirical relation between V p /V s and density [Christensen, 1996] . For these reasons, compressional wave velocities in midcrust to Moho depths are first estimated by scaling the modeled shear wave velocities by the array-averaged V p /V s ratio of 1.75 ( Figure 2) , and then the nonlinear depth-dependent fits from Christensen and Mooney [1995] are applied to calculate density. These regressions are based on laboratory measurements of density and V p performed on a variety of crystalline lithologies at relevant pressures (10-50 km depth); velocities were temperature corrected to an average geotherm. Lateral temperature variations in the crust have been ignored in this approach and may result in density errors of up to $7% per 100 C at 30 km depth.
[19] Temperature variations affect observed mantle shear wave velocities via both anharmonic and anelastic thermal effects [Karato, 1993] . These variations are calculated from the Jackson and Faul [2010] extended Burgers representation of olivine anelasticity. This model is thought to account for grain boundary sliding and has good laboratory control but requires extrapolating pressure and grain size effects. Velocities at each model depth are mapped to temperature by interpolating the numerically evaluated frequency and pressure-dependent temperature-velocity curves with an assumed grain size of 1 mm (see section 6). The dominant surface wave period at each model depth is approximated using a linear relation to account for the frequency dependence of surface-wave sensitivity kernels. Mantle density perturbations are calculated by scaling the temperature differences relative to an adiabatic geotherm with the thermal expansion coefficient model for Phanerozoic lithosphere from Afonso et al . [2005] . The geotherm and reference density column are calculated [Turcotte and Schubert, 2002] with a 1400 C mantle potential temperature [Putirka, 2008] .
Flexure and Gravity Modeling
[20] Surface topography is predicted from the density model, which includes crustal thickness variations and crust and upper mantle lateral density differences. Static mechanical equilibrium requires that spatial variations in subsurface buoyancy are balanced by topographic loading and by forces arising from flexure of the lithosphere, which is modeled as a two-dimensional elastic plate under the assumption of pure elastic coupling. Flexural topography is calculated in the Fourier domain by applying a two-dimensional elastic plate filter to the distributed buoyancy load, where the load is calculated from vertical integration of the density model (Appendix A). Plate strength is assumed to be homogeneous, and the optimal elastic thickness is determined by minimizing the misfit between the predicted flexure and observed topography ( Figure A2 ). The effects of viscous coupling have been ignored in this approach and could potentially overestimate topographic effects of the deep density structure [e.g., Hager and Richards, 1989 ].
[21] The density and flexure modeling accuracy is tested by comparing these results with gravity and topography data. Over 65,000 terrain-corrected Bouguer gravity measurements for this region were obtained from the Pan-American Center for Earth and Environmental Studies (PACES) U.S. gravity database [Keller et al., 2006] . Bouguer gravity at each surface location is predicted from the density model by first calculating the vertical gravitation due to each model block with the ana-lytic solution for a rectangular prism [Nagy et al., 2000] , which reduces near-surface discretization effects. Numeric volume integration is then performed to obtain total gravitation.
Results

Crustal Structure
[22] Cross sections through the P wave receiver function image volume ( Figure 4 ) display a welldefined Moho arrival beneath most of the array at 40-51 km depth below mean sea level. Image quality degrades outside the CREST array footprint due to reduced TA data fold. Additionally, the image becomes energetic beneath the $3 km thick low-velocity sedimentary rocks in the San Luis Basin [Brister and Gries, 1994] presumably due to free-surface basin reverberations (Figure 4f south of 37.5 ). A Moho depth map derived from these results is shown in Figure 4g . The shallowest Moho is observed in northern New Mexico beneath the southern San Luis Basin of the Rio Grande rift (40 km) and the deepest Moho is found in northwest Colorado (51 km).
[23] A comparison of physiographic province Moho depths (Table 1) shows that the CRM crust is 0.8-1.3 km thinner on average than the Colorado Plateau and High Plains. Notably, the 0.7-1 km of excess CRM topography is not supported by thickened crust as the Moho is about 2 km shallower with respect to the adjacent provinces. Significant short-wavelength heterogeneity is observed in the Moho depth map (Figure 4g ), which is not captured by the province-averaged values. Within the CRM, the Moho is typically observed at less than 45 km depth, except beneath the Front Range and near the Colorado-New Mexico border where deeper Moho depths are found (45-49 km). Noteworthy is that Moho depths beneath much of the high topography, particularly the San Juan Mountains, are up to 2 km shallower than the CRM province mean.
[25] This result is further illustrated in the elevation versus Moho depth histogram ( Figure 5 ), which displays a negative correlation (R ¼ À0 .46) showing that the highest elevations are associated with some of the thinnest crust in Colorado. This observation is in stark contrast to the positive trend predicted by Airy-Heiskanen isostatic compensation (Watts, 2001 ) and leads to our terminology of a ''rootless Rockies.'' The measured Moho depths are affected by the laterally varying V p /V s model ( Figure 2 ) used to estimate crustal P wave velocities for the CCP imaging; however, a similar negative correlation between Moho depth and elevation is observed if a constant V p /V s ratio is applied, indicating that this result is robust.
[26] Depth-averaged surface wave tomography and density modeling results ( Figure 6 ) indicate that the CRMs have reduced crustal velocities and densities relative to the Colorado Plateau and High Plains (Table 1) . Average crustal shear wave velocity in the CRM is 3.51 km/s and lowest velocities (3.45-3.53 km/s) are observed along an N-S trend in the western CRM ( Figure 6a ). This trend extends south from the Sawatch Range, to a broad region encompassing the San Juan Mountains, and [27] A strong negative correlation (R ¼ À0.86) is observed between elevation and mean crustal density, similar to that predicted by Pratt-Hayford isostatic compensation (Figure 6c ). This observation suggests that the high topography is in part compensated by a low-density crust. However, the observed Moho depths are inconsistent with pure Pratt-Hayford compensation because the densityelevation data predict Moho depths ranging between 46 and 54 km (Figure 6c ).
Mantle Velocity and Temperature
[28] Depth-averaged mantle shear wave velocities (Figure 6b) (Figure 6b ). Individual depth slices (Figures 7a-7c ) reveal greater short-wavelength heterogeneity and lateral velocity variations reaching 65%.
[29] Temperatures inferred from thermal modeling of mantle velocities (Figure 7 ) range from 670 to 1410 C and peak lateral thermal variations reach $600 C. With an assumed 1 mm olivine grain size, the temperature model below 50 km depth does not exceed either the dry peridotite solidus [Hirschmann, 2000] or the assumed 1400 C mantle adiabat [Putirka, 2008] . Velocities directly beneath the Moho are typically too slow to be modeled by realistic temperatures but are most likely affected by tomographic smearing of lowermost crustal velocities because a Moho velocity step is not resolvable in the surface wave tomography. Between 73 and 123 km depth, province-averaged temperatures (Figure 7d ) increase quasi-linearly with depth and the thermal gradient increases from east to west across the CRM.
[30] At 73 km depth (Figure 7a ), the highest inferred temperatures (1150 C-1270 C) are located beneath the CRM, which is clearly distinct from the colder upper mantle of the High Plains and Colorado Plateau (670 C-1000 C). Temperature differences between the plateau and the CRM mantle decrease with depth, and asthenosphere-like temperatures (>1300 C) are reached beneath much of this region at 123 km depth (Figures 7b-7c) . In contrast, a high-velocity/low-temperature region persists downward through all model depths beneath the Front Range and High Plains.
S p Imaging
[31] Cross sections through the S wave receiver function image volume ( Figure 8 ) display a prominent Moho arrival that is consistent with the Moho depths derived from the P wave receiver function image (Figure 4g ). The image volume is dominated below the Moho by negative-polarity arrivals, the depths of which broadly correlate with physiographic province. These arrivals indicate the presence of negative velocity gradients, i.e., higher velocity over lower velocity, that occur over less than 20 km depth assuming an 8 s dominant period and half wavelength sensitivity [Rychert et al., 2007] . Negative arrivals are imaged beneath the Colorado Plateau at 100-150 km depth and are spatially coincident with a negative velocity gradient observed in the surface wave tomogram (Figure 8 ). The CRM are associated with a broad band of negative polarity arrivals imaged at 60-110 km depth that extends laterally into both the Colorado Plateau and the High Plains region. The deepest negative arrivals are observed beneath the High Plains and eastern CRM at 150-200 km depth. Figure 5 . Two-dimensional histogram of Moho depth versus elevation. The trend predicted by Airy-Heiskanen isostasy is labeled and was calculated using the average modeled density for the crust (2.52 g/cm 3 ) and the PREM density model as a reference column.
Flexure and Gravity Modeling
[32] Elastic plate flexure predicted from the combined crust and mantle density models (Figure 9 ) displays a prominent N-S oriented ridge of elevated flexural topography along the western CRM. In this region, positive buoyancy resulting from reduced crust and mantle densities is larger than negative buoyancy associated with thinner crust ( Figure A1 ). Maximum plate deflection is observed in the eastern San Juan Mountains, where peak differential topography of about 1.7 km is reached relative to the High Plains and Colorado Plateau. Contributions from CRM mantle buoyancy increases to the south and account for approximately half of the net flexural topography ( Figure A1 ). The optimal elastic plate thickness determined from flexure modeling is 12 km (Fig-ure A2) , and the width of the main lobe in the resulting spatial filter response function is 200 km. This estimate is in good agreement with the <20 km estimate of Coblentz et al. [2011] and is on the low end of the broad range of values reported in other studies (10-60 km) [Bechtel et al., 1990; Lowry et al., 2000; Lowry and Perez-Gussinye, 2011 ].
[33] The flexure model accounts for 45% of the elevation variance, and cross sections show that the model successfully captures the general longwavelength observed topography (Figures 9b-9d ). The largest feature in the topography misfit (Figure A2a) is the anomalous Front Range, where observed elevations are consistently $1 km greater than flexure model predictions (Figure 9b east of À107 ). The positive free-air gravity indicates that this region is uncompensated, but the spatial wavelength of the Front Range is too large to be elastically supported by a 12 km thick plate ( Figure A2b ). Previous studies have found heterogeneous elastic thickness in Colorado, and it is plausible that the lithosphere is significantly stronger beneath the Front Range (i.e., elastic thickness of 40-50 km) [Lowry et al., 2000; Lowry and Perez-Gussinye, 2011] . This interpretation is also consistent with the cool mantle temperatures inferred from velocity modeling (Figure 7) which should strengthen the lithosphere [Burov and Diament, 1995] .
[34] The Bouguer gravity field calculated from the density model ( Figure 10) spatial sampling with respect to these studies and places important additional constraints on the small-scale structure of this region. In particular, the TA studies were unable to resolve the thinner crust observed in this study beneath the high topography. Despite being nearly 7 km thicker with respect to average continental crust [Christensen and Mooney, 1995] , only a weak negative correlation exists between topography and Moho depth ( Figure 5 ). This analysis clearly negates Airy-Heiskanen compensation of the CRM high topography and further demonstrates that no simple relationship exists between crustal thickness and elevation [Zoback and Mooney, 2003 ]. [36] Reduced velocities indicate the presence of low-density crust beneath the CRM high topography, and therefore, Pratt-Hayford compensation is a more viable support mechanism for this region ( Figure 6 ). However, both isostatic end-member models neglect the effects of a finite strength lithosphere and upper mantle density variations ( Figure  6b ), which are evidenced by thermal modeling of tomogram velocities (Figure 7) . Flexure modeling demonstrates that buoyancy resulting from a combination of low-density crust and elevated mantle temperature is sufficient to explain the excess topography of the CRM relative to the Colorado Plateau and High Plains (Figure 8) . Therefore, no local mantle flow pressures associated with smallscale convection [Coblentz et al., 2011; van Wijk et al., 2010] are required to support the topography of the CRM. However, some form of advective heat/mass transfer is almost certainly required by the inferred mantle temperature variations which reach 600 C. It is important to note that our analysis is insensitive to topographic mean and any absolute elevation changes [e.g., Karlstrom et al., 2012] 
Precambrian Structure
[37] A striking correlation exists between the Moho depth map and the inferred surface locations of Precambrian crustal boundaries ( Figures  1 and 4g ), suggesting that structures left over from lithospheric assembly persist in the modern plate architecture. The deepest Moho observations in northwest Colorado are interpreted to be related to crustal shortening across the $1.76 Ga Cheyenne Belt suture between the Proterozoic Colorado and the Archean Wyoming provinces [Chamberlain, 1998; Karlstrom and Houston, 1984] . This interpretation is consistent with results from the PASSCAL Lodore and Deep Probe seismic arrays at À109 longitude, the CD-ROM experiment at À107 and the Laramie array at À106 , which imaged crustal thicknesses exceeding 50 km beneath the suture zone [Crosswhite and Humphreys, 2003; Hansen and Dueker, 2009; Morozova et al., 2005; Snelson et al., 1998 ].
[38] Similarly, we interpret the E-NE trending lineament of thickened crust traversing southern Colorado and northern New Mexico as a crustal welt left from the suturing of the Proterozoic Yavapai and Mazatzal provinces [e.g., Whitmeyer and Karlstrom, 2007] . The location of the exact suture is uncertain [see Shaw and Karlstrom, 1999] , and other workers have suggested the main suturing occurred further south along the Jemez lineament in New Mexico [Magnani et al., 2004] . Nevertheless, most convergent zones are characterized by wide zones of imbrication and bivergent thrusting associated with the suturing, and the imaged crustal welt in southern Colorado is interpreted to be part of this collision. Notable is the close correlation between this structure and the boundary between the 2.0-1.8 Ga and 1.8-1.7 Ga crustal provinces inferred from, albeit sparse, neodymium isotopic data [Bennett and DePaolo, 1987] and the good agreement between the westward continuation of this lineament and the location of this boundary in the Colorado Plateau determined from receiver function analysis [Gilbert et al., 2007] .
These findings indicate that present Moho depths record the Proterozoic accretional assembly of this region and emphasize the importance of foundational inherited structures in lithospheric architecture [Dueker et al., 2001; Gilbert et al., 2007; Karlstrom et al., 2005; Karlstrom and Humphreys, 1998 ].
Oligocene Volcanic Flare-Up
[39] The region of lowest crustal shear wave velocities (Figure 6a ) is spatially coincident with centers of Oligocene volcanism, especially the San Juan Mountains [Lipman, 2007] . The total volcanic output in Colorado during this period is approximately 60,000 km 3 , predominantly from the San Juan volcanic field, and the volume of intruded rock is estimated to be on the order of 300,000 km 3 [Farmer et al., 2008; Lipman, 2007; Roy et al., 2004] . Based on their extrusive products, these intrusive bodies likely ranged in composition from andesite to granodiorite [Lipman, 2007] , which have reduced shear wave velocity (3.1-3.6 km/s) and density (2.62-2.67 g/ cm 3 ) values [Christensen and Mooney, 1995; Christensen, 1996] relative to the average crustal properties of the adjacent regions (Figure 6a ). If the lateral extent of these bodies is approximated by the 2.78 g/cm 3 mean crustal density contour (Figure 6a ), then 9 km, or about 20%, of the crust would consist of intrusive rock. This is consistent with the estimated thickness of upper crustal batholiths beneath the San Juan Mountains inferred from gravity and seismic refraction data [Drenth et al., 2012; Roy et al., 2004] . Therefore, the reduced velocities and densities observed in the western CRM are consistent with Oligocene plutonism.
[40] Despite the voluminous $300,000 km 3 input of mantle-derived basalts [Farmer et al., 2008] , it is surprising that the region affected by Oligocene volcanism has some of the thinnest observed crust (Figure 4g ). The fate of the mafic residual associated with magmatic differentiation in the Oligocene remains an open question [Lipman, 2007] , and there is no evidence in the surface wave tomogram for a high-velocity mafic root in the crust beneath the San Juan Mountains (Figure 10) . It is possible that the intruded basalts differentiated in the lowermost crust now reside beneath the seismic Moho [Annen et al., 2006; Hildreth and Moorbath, 1988; Johnson, 1991] . Alternatively, dense negatively buoyant restite may have been removed by foundering [Jull and Kelemen, 2001; Kay and Kay, 1991; Karlstrom et al., 2012] , as has been suggested for the Sierra Nevada batholith [e.g., Ducea, 2002 ]. Global positioning system data indicate that this entire region is currently in extension, presumably due to the Rio Grande rift system [Berglund et al., 2012] ; however, any relationship between regions of thin crust and rifting remains ambiguous, and it seems unlikely that the minor amount of extension experienced by the CRM is responsible for the observed variations in Moho depth.
Mantle Temperature
[41] Lateral shear wave velocity variations up to 0.5 km/s are observed in the upper mantle beneath this region (Figure 7) that are difficult to explain by compositional differences alone, given that velocity modeling of measured mantle mineral properties demonstrates that composition has little effect on shallow mantle velocities [Cammarano et al., 2003; Schutt and Lesher, 2006 ]. These results agree with self-consistent thermodynamic modeling indicates that the anharmonic shear wave velocities of pyrolite, peridotite, and pyroxenite only differ by about 0.1 km/s at in situ conditions [Stixrude and Lithgow-Bertelloni, 2005 ]. Therefore, temperature-induced anelastic effects and/or the presence of partial melt are required to explain the range of observed upper mantle velocities [Stixrude and Lithgow-Bertelloni, 2005] [Faul et al., 2004; Gribb and Cooper, 2000] . Surface and body-wave tomography results suggest that most of the upper mantle velocity variation in the western United States, including the CRM, can be largely attributed to temperature differences [Goes and van der Lee, 2002; Schmandt and Humphreys, 2010] . These results, and the lack of consensus on partial melt effects, provide initial justification for modeling mantle velocities via olivine thermal anelasticity. For the purpose of thermal modeling, the mantle is approximated as pure olivine as few constraints exist on the anelastic properties of pyroxene and garnet.
[42] Grain size is a controlling parameter in the Jackson and Faul [2010] olivine model used here to map shear velocity to temperature (Figure 7) . Both the range and mean of modeled temperatures scale with the assumed grain size. The 1 mm grain size assumed here is consistent with 10 ka peridotite xenoliths erupted from the Rio Grande Rift at Kilbourne Hole in southern New Mexico, which have mean grain sizes of 0.49-1.20 mm [Satsukawa et al., 2011] . With the exception of Precambrian diatremes erupted along the Front Range block [Lester and Farmer, 1998 ], there are no reported mantle xenoliths within the CRM. Mantle xenoliths were erupted at the Navajo Volcanic Field (Figure 1 ), but the wide array of grain sizes (up to several cm) [Ehrenberg, 1982] , the exotic lithologies [Smith, 2010] , and the 28-19 Ma eruption age make it difficult to constrain the average olivine grain size beneath the CRM from this xenolith suite.
[43] At 100 km depth, grain sizes of 0.1 mm, 1 mm, and 1 cm result in velocity temperature derivatives (dV s /dT) of À0.097, À0.077, and À0.065 km/s per 100 C and peak lateral temperature variations of 540 C, 600 C, and 680 C. The resulting mantle densities are thus a function of assumed grain size; however, flexure and gravity modeling results are insensitive to grain size, and similar fits are obtained to observed topography and Bouguer gravity. Only the relative densities are important for these models, and maximum lateral temperature variations for grain sizes ranging 0.1 mm and 1 cm differ by about 140 C, which results in density perturbations of $0.5%. A grain size of 1 cm is untenable, however, as this value results in unrealistic temperatures that locally exceed 1500 C at 123 km depth.
[44] Thermal modeling demonstrates that the range of observed mantle shear wave velocities can be attributed to lateral temperature variations of up to $600 C, but we note that these results do not exclude the presence of partial melt. Velocities below 4.2-4.3 km/s are observed in the surface wave tomogram (Figure 7) , and Rau and Forsyth [2011] have argued that such velocities are indicative of melt. If melt is present, the modeled temperature variation is an upper bound, since the velocity-reducing effects of melt porosity have not been taken into account. The Jackson and Faul [2010] model naturally predicts seismic attenuation values, and further study focusing on the attenuation structure of the CRM mantle would provide a direct test of our temperature model and could constrain potential melt porosity [e.g., Yang et al., 2007] .
S p Imaging
[45] Negative polarity S p conversions from the upper mantle are commonly interpreted as the LAB [e.g., Rychert et al., 2005] , although in regions of thick cratonic lithosphere, many of these arrivals are clearly internal to the lithosphere and an LAB arrival is generally not observed Fischer et al., 2010; Rychert et al., 2010] . The CRM region occupies the lithospheric transition from North American craton to the thinner western United States [Yuan et al., 2011] , which must be taken into consideration when interpreting the S wave receiver function results (Figure 8 ). Our best evidence for an LAB arrival is found beneath the Colorado Plateau, where negative arrivals at 100-150 km depth (Figure 8 ) are coincidentally imaged with a rapid increase in the inferred temperature field (Figure 7) . This result and interpretation are consistent with several previous studies, including analyses of S wave receiver function data from the TA Levander and Miller, 2012] , surface wave inversion from the Colorado Plateau/Rio Grande Rift Seismic Transect Experiment (LA RISTRA) [West et al., 2004] , the joint inversion of regional seismic and gravity data [Bailey et al., 2012] , and magnetotelluric results from a transect across the western Plateau [Wannamaker et al., 2008] .
[46] The deepest negative polarity arrivals are observed beneath the High Plains and extend westward beneath much of the CRM, indicating that the lithosphere is at least 150-200 km thick in this region. This is consistent with our surface wave modeling, which finds persistent high velocities and cool temperatures at shallower depths in the Front Range and High Plains mantle (Figure 7) . A negative velocity gradient is not observed in the tomogram at these depths, but surface wave model depth resolution is poor below 120 km depth. Body-wave tomography from CREST and TA data show that the fast upper mantle beneath the High Plains terminates near 200 km depth [Schmandt and Humphreys, 2010; MacCarthy, 2011] , consistent with the interpretation of this deep negative arrival as the LAB.
[47] This finding conflicts with previous S wave receiver function studies that interpret lithospheric thicknesses of less than 120 km for the Colorado High Plains Levander and Miller, 2012] . We propose that the shallower secondary negative arrival imaged above 100 km depth in this region (Figures 8a-8c ) and differing methodologies have obscured the deeper LAB arrival in these other studies. Additionally, our preliminary S wave receiver function analysis of TA data [Foster et al., 2012] shows that this deep negative velocity gradient at 150-200 km depth extends further east into the Great Plains, consistent with thick cratonic lithosphere in this region estimated from anisotropic surface wave tomography [Yuan et al., 2011] . These results suggest a step in lithospheric thickness across the CRM, with thickness increasing by approximately 50 km from the Colorado Plateau to the High Plains.
[48] The broad negative arrival imaged beneath the CRM above 100 km depth is an intriguing feature that has been previously interpreted as the LAB Kumar et al., 2012; Levander and Miller, 2012] . However, the results from this study cast doubt on this explanation, and we speculate that this arrival may be internal to the lithosphere. There is still a debate on the origin of the seismic LAB , but if it is related to the thermal boundary layer, then presumably the CRM LAB should be between 120 and 170 km deep based on the observation that the mean CRM geotherm sits between that of the Colorado Plateau and High Plains in terms of absolute temperature and thermal gradient between 98 and 123 km depth (Figure 7d ). Additionally, the shallow S p arrival extends eastward and overlaps with the deeper LAB arrival and elevated upper mantle seismic velocities observed beneath the Front Range-High Plains region (Figures 8b-8c east of À107 ).
[49] If this arrival was the LAB, then the CRM lithosphere would be of similar thickness to that of the southern margin of the Colorado Plateau Levander and Miller, 2012] . However, the analysis of Neogene volcanism indicates that CRM basalts were primarily derived from a lithospheric source [Beard and Johnson, 1997] while the southern Plateau has been more strongly modified by asthenospheric melts [Crow et al., 2011] , which implies a thicker CRM lithosphere. Additionally, we note that both the Precambrian diamondiferous diatremes in the Front Range [Lester and Farmer, 1998; McCallum et al., 1979] and xenoliths from 140 km depth erupted in the Navajo Volcanic Field (28-19 Ma) [Riter and Smith, 1996] indicate the presence of thick lithosphere in the past and it remains unclear, given the lack of major extension in the CRM, what mechanisms would be responsible for thinning the lithosphere.
[50] Shallow sub-Moho negative arrivals are also observed in the P wave receiver function image (Figure 4 ), although these arrivals are not as prominent or laterally continuous as in the S wave image. This discrepancy may be due to frequencydependent effects resulting from heterogeneous velocities in this region. The images become more consistent when the P wave receiver functions are filtered at 3-20 s period and stacked with the same bin sharing as in the S wave image ( Figure 11) ; however, in this period range, the shallow negatives begin to interfere with the Moho side lobe, and additional modeling will be required to investigate the detailed velocity structure in this depth region. The deep LAB arrival beneath the High Plains is not observed in the P wave images but crustal reverberations interfere with arrivals from this interval ( Figure 11 ).
[51] The interpretation of this intralithospheric feature is difficult because there is no consensus regarding the origin of negative S p conversions from within the mantle lithosphere. Potential mechanisms include a rapid temperature increase , a change in seismic anisotropy Yuan et al., 2011] , a low-velocity metasomatic layer [Chen et al., 2009; Griffin et al., 2009; Wölbern et al., 2012] , and variations in water content [Karato, 2012] . Regardless of this ambiguity, the shallow negative energy is spatially correlated with the thermally perturbed lithosphere observed beneath the CRM (Figure 7a ) and suggests that these features may be related.
Cenozoic Volcanism
[52] The region of elevated temperatures in the shallow mantle beneath the CRM is bounded by occurrences of ultrapotassic rocks, e.g., minettes and lamproites (Figures 1 and 7a) , which are thought to arise from partial melting of low-solidus metasomatized mantle lithosphere [Foley, 1992; McKenzie, 1989 ]. Most of these rocks were emplaced between 33 and 20 Ma, spanning the Oligocene flare-up and initial extension of the Rio Grande rift system [Gibson et al., 1993] . These areas include the Navajo Volcanic Field , the Dulce area , the Spanish Peaks [Penn and Lindsey, 2009] , and the Middle Park lamproite [Thompson et al., 1997] (Figure 1 ). An additional period of ultrapotassic volcanism occurred in northwest Colorado at 10-8 Ma [Leat et al., 1991; Thompson et al., 1990] during a renewed period of rift activity Ingersoll, 2001; Landman and Flowers, 2013] . Therefore, thermal modification of the mantle lithosphere probably began in the Oligocene and likely continued until at least the end of the Miocene.
[53] Despite being primarily lithospheric in origin [Beard and Johnson, 1997] , the composition of late Cenozoic basalts in Colorado indicate some mixing with melts derived from the underlying asthenosphere [Crow et al., 2011; Leat et al., 1990] .
Of particular note are Quaternary basalts erupted in northwest Colorado that record mixing with minette composition magmas [Leat et al., 1989] . Therefore, we suggest that the elevated temperatures observed in the CRM mantle are the result of heat advected into the lithosphere by melt infiltration from the underlying mantle. The shallow negative velocity gradient imaged beneath the CRM could represent melt stagnated within the lithosphere, as has been proposed for the Tanzanian Craton at the East African Rift [Wölbern et al., 2012] . It is difficult to speculate on the origin of the sublithospheric melt, but we note that bodywave tomography shows that reduced mantle velocities extend to the mantle transition zone beneath the CRM [Schmandt and Humphreys, 2010; MacCarthy, 2011] . ð Þ, which includes crustal thickness variations and crust and upper mantle lateral density differences. The net vertical load acting on the lithosphere is a combination of subsurface buoyancy forces and the mantle-restoring forces resulting from flexure. To maintain static equilibrium, the difference between these forces is accommodated by elastic flexure. The net downward directed load l x ð Þ on the flexed plate can be written as
Conclusions
where the term a g is the pressure gradient in the asthenosphere and represents the mantle-restoring force, w x ð Þ is the vertical displacement due to plate flexure, the vertical integration bounds encompass the density model from the surface at z 1 ¼ 0 km to z 2 ¼ 170 km depth, g z ð Þ is acceleration due to gravity as a function of depth and ref z ð Þ is a reference density column in isostatic equilibrium. The density of the asthenosphere a is assumed to be 3.36 g/cm 3 , and density values from the preliminary reference Earth model (PREM) reference model are used to calculate g z ð Þ [Dziewonski and Anderson, 1981] . The subsurface buoyancy load represented by the integral in equation is not a function of plate flexure because the density structure is estimated from in situ seismic velocities, which already include the (unknown) effects of plate flexure. The total buoyancy load and the contributions from the crust, Moho and mantle depths for the CREST array are shown in Figure A1 .
[57] The bending of an isotropic homogeneous plate in response to a distributed load l x ð Þ is given by the biharmonic equation
where r 2 is the Laplacian, D is the flexural rigidity, T e is the elastic thickness, E is Young's modulus which is assumed to be 10 11 Pa, and is Poisson's ratio which is assumed to be 0.25. Taking the two-dimensional Fourier transform of w and l in equation (A2) yields where k x ; k y are the horizontal components of the two-dimensional wavenumber vector k. L k ð Þ is obtained by transforming the plate load in equation which yields
where F 2 Á f g denotes the two-dimensional Fourier transform and C is a constant which depends on the reference density column ref z ð Þ. In practice, we are interested only in the relative deflections, which do not depend on the assumed reference column, and thus Q is calculated by evaluating the integral in (A4), removing the mean and then applying the fast Fourier transform. A zero mean also helps to reduce edge effects associated with the filtering process and wrapping effects are avoided via zero padding the plate load in the spatial domain by the flexural wavelength.
[59] Finally, plate flexure can be calculated using
and taking the inverse Fourier transform to get w x ð Þ. The elastic thickness is determined empirically by maximizing the variance reduction of the observed topography ( Figure A2c ). The resulting misfit between the actual and observed topography ( Figure A2a) can then used to test the validity of the best-fit elastic thickness and the modeling assumptions by applying the residual topography as a surface load and modeling the resulting plate flexure ( Figure A2b) .
A.1.2. Gravity Modeling
[60] Bouguer gravity is predicted from the density model obs x; z ð Þ at a fixed surface location by Figure A2 . Residual topography and elastic thickness estimation. (a) Elevation misfit between the flexure model ( Figure 9 ) and observed topography. (b) Plate flexure due to a surface load derived from the residual topography in Figure A2a . (c) Assumed elastic thickness is plotted against topographic variance reduction. Flexure modeling is performed for each thickness value using the load in Figure A2a and the best fit elastic thickness (12 km) is plotted as a ''þ'' symbol.
calculating the vertical gravitation due to each model block with the analytic solution for a rectangular prism [Nagy et al., 2000] : where x ¼ x y ½ is the horizontal position vector of the model block relative to the observation location where g z is measured, G is the gravitational constant, and r¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi x 2 þ y 2 þ z 2 p is the block distance. Numeric volume integration is then performed to obtain total gravitation. The top of the density model is flat and is set to the minimum station elevation, which therefore approximates the Bouguer gravity field.
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